We report observations of stratospheric CO 2 that reveal surprisingly large anomalous enrichments in 17 O that vary systematically with latitude, altitude, and season. The triple isotope slopes reached 1.95 ± 0.05(1σ) in the middle stratosphere and 2.22 ± 0.07 in the Arctic vortex versus 1.71 ± 0.03 from previous observations and a remarkable factor of 4 larger than the mass-dependent value of 0.52. Kinetics modeling of laboratory measurements of photochemical ozone-CO 2 isotope exchange demonstrates that nonmass-dependent isotope effects in ozone formation alone quantitatively account for the 17 O anomaly in CO 2 in the laboratory, resolving long-standing discrepancies between models and laboratory measurements. Model sensitivities to hypothetical mass-dependent isotope effects in reactions involving O 3 , O( 1 D), or CO 2 and to an empirically derived temperature dependence of the anomalous kinetic isotope effects in ozone formation then provide a conceptual framework for understanding the differences in the isotopic composition and the triple isotope slopes between the laboratory and the stratosphere and between different regions of the stratosphere. This understanding in turn provides a firmer foundation for the diverse biogeochemical and paleoclimate applications of 17 O anomalies in tropospheric CO 2 , O 2 , mineral sulfates, and fossil bones and teeth, which all derive from stratospheric CO 2 . F or most materials containing oxygen, the relative abundances of its three stable isotopes ( 16 O, 17 O, and 18 O) fall on a "mass-dependent" fractionation line (1) with a ln 17 O-ln 18 O three-isotope slope † near 0.5, which is well-predicted by statistical thermodynamics (3) and chemical reaction rate theories (4). In other words, 17 O is usually one-half as depleted or enriched as 18 O when measured relative to 16 O and relative to those same ratios in an international standard. Discoveries of large deviations from a mass-dependent slope of 0.5 in meteorites (5) and ozone (6, 7), resulting in nonzero 17 O anomalies (i.e., Δ where M is any collision partner (10-12). Although much progress has been made in understanding ozone's non-mass-dependent isotopic composition (12) (13) (14) , the theoretical basis in chemical physics is still unresolved (15) (16) (17) . In addition, whether 17 O anomalies in other species--such as CO 2 , N 2 O, sulfates, and nitrates (e.g., ref. 18)--result solely from transfer from O 3 or from additional anomalous KIEs remains unclear. Stratospheric CO 2 , for example, attains at least part of its observed non-mass-dependent isotopic composition (19) (20) (21) (22) (23) (24) O 2 * or a nuclear spin/spin-orbit coupling effect in [3a]. In addition, three-isotope slopes for CO 2 measured in laboratory mixtures of UV-irradiated O 2 or O 3 and CO 2 (29-32), slopes calculated from photochemical models of laboratory experiments (30) and the stratosphere (27, 28) , and slopes from observations show remarkable disagreements. For example, three-isotope slopes for CO 2 in laboratory experiments typically vary from about 0.8 to 1.0 (29, 30, 32) not the value of 1.7 that has come to be expected for the stratosphere (22, 33). Although one laboratory study has yielded a slope up to 1.8 (31), the experiment was performed at unrealistically high O 3 /CO 2 ratios and shows unusual behavior relative to all other published experiments. Experiments under nearly identical conditions but longer irradiation times (32) yielded a slope near 1, suggesting that the higher slope in the high O 3 /short irradiation time experiments likely results from non-mass-dependent isotope effects in O 3 photodissociation due to O 3 self-shielding, which is not relevant for atmospheric conditions; thus, the apparent agreement with previous stratospheric observations is arguably fortuitous, as discussed further below. In addition, ln 17 O was measured directly in only one previous laboratory study (32), whereas it was inferred from mass balance in all others, which adds additional uncertainty (e.g., if unknown 13 C isotope effects might affect the results due to the isobaric interference between 13 Fig. 1 and SI Appendix, Tables S1-S4. Samples of high-latitude air (>55°N) determined to be in the polar vortex from nitrous oxide (N 2 O) and potential temperature (θ) measurements (45) (SI Appendix, Fig. S1 ) exhibit a three-isotope slope from a bivariate linear least-squares regression of 2.22 ± 0.07(1σ). Samples collected at midlatitudes (25-55°N) and in "midlatitude-like" (i.e., nonvortex) air at high latitudes (based on N 2 O and θ) yield a three-isotope slope of 1.95 ± 0.05. These slopes are significantly larger (Table 1) than the expected value of 1.71 ± 0.03 from Lämmerzahl et al. (22), with homogeneity of regression tests demonstrating that these differences with respect to the Lämmerzahl data are both significant at the 99% confidence interval (SI Appendix, Table S5 ). If only the new lower stratospheric (<21 km) samples are included in our midlatitude regression, the slope is 1.7 ± 0.2, closer to expectations but more variable. We believe this increased variability in the lower stratosphere is real (see below), although additional uncertainty from a smaller regression range may also contribute.
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F or most materials containing oxygen, the relative abundances of its three stable isotopes ( 16 O, 17 O, and 18 O) fall on a "mass-dependent" fractionation line (1) with a ln 17 O-ln 18 O three-isotope slope † near 0.5, which is well-predicted by statistical thermodynamics (3) and chemical reaction rate theories (4) . In other words, 17 O is usually one-half as depleted or enriched as 18 O when measured relative to 16 O and relative to those same ratios in an international standard. Discoveries of large deviations from a mass-dependent slope of 0.5 in meteorites (5) and ozone (6, 7) , resulting in nonzero 17 O anomalies (i.e., Δ For ozone, the non-mass-dependent enrichments in 17 O and 18 O have a three-isotope slope of 0.65-1.0 (e.g., ref. 9 ) and have been traced to anomalous kinetic isotope effects (KIEs) in O 3 formation:
where M is any collision partner (10) (11) (12) . Although much progress has been made in understanding ozone's non-mass-dependent isotopic composition (12) (13) (14) , the theoretical basis in chemical physics is still unresolved (15) (16) (17) . In addition, whether 17 O anomalies in other species--such as CO 2 , N 2 O, sulfates, and nitrates (e.g., ref. 18)--result solely from transfer from O 3 or from additional anomalous KIEs remains unclear. Stratospheric CO 2 , for example, attains at least part of its observed non-mass-dependent isotopic composition (19) (20) (21) (22) (23) (24) The observed three-isotope slope for stratospheric CO 2 ranges from ∼1.2 to 1.7, much larger than for O 3 . To explain the difference, non-mass-dependent isotope effects beyond O 3 formation have been postulated (19, 29) , including a coincidental near-resonance for 17 O 12 C
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O 2 * or a nuclear spin/spin-orbit coupling effect in [3a] . In addition, three-isotope slopes for CO 2 measured in laboratory mixtures of UV-irradiated O 2 or O 3 and CO 2 (29) (30) (31) (32) , slopes calculated from photochemical models of laboratory experiments (30) and the stratosphere (27, 28) , and slopes from observations show remarkable disagreements. For example, three-isotope slopes for CO 2 in laboratory experiments typically vary from about 0.8 to 1.0 (29, 30, 32 ) not the value of 1.7 that has come to be expected for the stratosphere (22, 33) . Although one laboratory study has yielded a slope up to 1.8 (31) , the experiment was performed at unrealistically high O 3 /CO 2 ratios and shows unusual behavior relative to all other published experiments. Experiments under nearly identical conditions but longer irradiation times (32) yielded a slope near 1, suggesting that the higher slope in the high O 3 /short irradiation time experiments likely results from non-mass-dependent isotope effects in O 3 photodissociation due to O 3 self-shielding, which is not relevant for atmospheric conditions; thus, the apparent agreement with previous stratospheric observations is arguably fortuitous, as discussed further below. In addition, ln 17 O was measured directly in only one previous laboratory study (32) , whereas it was inferred from mass balance in all others, which adds additional uncertainty (e.g., if unknown 13 C isotope effects might affect the results due to the isobaric interference between 13 (27, 28) calculate a three-isotope slope of 1.5 for CO 2 in their model at latitudes >25°N that shows little temporal or spatial variation in the lower and middle stratosphere. The current level of disagreement between experiments, atmospheric observations, and atmospheric modeling shows that isotope exchange between O 3 and CO 2 is still not well understood.
Here, we report measurements of ln 17 O and ln 18 O of stratospheric CO 2 that reveal much larger three-isotope slopes than expected and their systematic variation with latitude, altitude, and season. We also report time-dependent laboratory and modeling results that demonstrate that anomalous KIEs in O 3 formation alone quantitatively account for the triple isotope composition of CO 2 in the laboratory. Combining laboratory and stratospheric results, we show that differences in temperature, relative rates of mass-dependent reactions, and vertical versus quasihorizontal transport rates can plausibly explain differences in the ln 17 O-ln 18 O relationships between the laboratory and stratosphere and within the stratosphere. The results thus provide a deeper understanding of contemporary stratospheric CO 2 isotope variations, the underlying isotope chemistry, and a sounder foundation for the biogeochemical, paleoclimate, and paleoatmospheric applications of 17 O anomalies in materials that derive their signals from stratospheric CO 2 (34) (35) (36) (37) (38) (39) (40) .
Stratospheric CO 2 was separated cryogenically from whole air samples collected by National Aeronautics and Space Administration (NASA) ER-2 aircraft (41) in winter 1999-2000 during the SAGE III Ozone Loss and Validation Experiment (SOLVE) (42) and a September 2004 balloon flight (43) at 34°N. The isotopic composition was measured on a Finnigan MAT 252 isotope ratio mass spectrometer using the CeO 2 equilibration technique (44) . Additional sampling and measurement details are provided in Materials and Methods and SI Appendix. Results are shown in Fig. 1 and SI Appendix, Tables S1-S4. Samples of high-latitude air (>55°N) determined to be in the polar vortex from nitrous oxide (N 2 O) and potential temperature (θ) measurements (45) (SI Appendix, Fig. S1 ) exhibit a three-isotope slope from a bivariate linear least-squares regression of 2.22 ± 0.07(1σ). Samples collected at midlatitudes (25-55°N) and in "midlatitude-like" (i.e., nonvortex) air at high latitudes (based on N 2 O and θ) yield a three-isotope slope of 1.95 ± 0.05. These slopes are significantly larger (Table 1) than the expected value of 1.71 ± 0.03 from Lämmerzahl et al. (22) , with homogeneity of regression tests demonstrating that these differences with respect to the Lämmerzahl data are both significant at the 99% confidence interval (SI Appendix, Table S5 ). If only the new lower stratospheric (<21 km) samples are included in our midlatitude regression, the slope is 1.7 ± 0.2, closer to expectations but more variable. We believe this increased variability in the lower stratosphere is real (see below), although additional uncertainty from a smaller regression range may also contribute.
Additional insight into the regional differences in slope is gained by examining Δln Table S3 ). The Δln 17 O/Δln 18 O values for these tropically influenced samples are typically larger than for samples with more midlatitudelike character based on CH 4 , N 2 O, and θ. These differences suggest that even larger slopes may be observable in the deep tropics and that transport and mixing of tropical air to 34°N contributes to the Δln O and three-isotope slopes with latitude, altitude, and season are not inconsistent with the previous observations of Lämmerzahl et al. (22) at 44°N and 68°N. The narrow range in slope of 1.71 ± 0.03 they measured has been considered the "standard" against which other measurements and model predictions should match (22, 33) . However, the Lämmerzahl flights, based on their timing, would have likely always intercepted nonvortex extratropical air, yielding a relatively homogeneous three-isotope slope not necessarily representative of other regions, similar to how the long-lived tracers CH 4 and N 2 O exhibit homogeneous nonvortex extratropical slopes distinct from tropical and vortex slopes. Satellite measurements of CH 4 and N 2 O show CH 4 :N 2 O relationships that are compact (i.e., homogeneous) and distinct between three regions: the tropics, the extratropics, and the polar vortices after significant descent has occurred (46). In contrast, the region at 25 ± 10°N exhibits CH 4 : N 2 O correlations that are much less compact, consisting of inhomogeneous mixtures of tropical and midlatitude air (46). The CO 2 isotopic composition is also a long-lived tracer (23, 27, 28) because the lifetime for isotope exchange with O 3 is always at least an order of magnitude longer than stratospheric transport timescales, even at 45 km where O( 1 D) peaks (27, 28) ; thus, transport and mixing affect the CO 2 isotopic composition similarly to CH 4 and N 2 O. By analogy, homogeneous three-isotope slopes for CO 2 can be observed poleward of 35°N except in Arctic vortex air in January-March (42); the tropical and late vortex three-isotope slopes can be distinct from the nonvortex/extratropical relationships; and the 25 ± 10°N "mixed region" would be an inhomogeneous mixture, as observed. These variations in three-isotope slopes thus appear to be explicable and robust across high-precision CO 2 datasets.
These systematic variations with latitude and season we observe may also account for at least some of the variability in what have been considered to be the noisier datasets shown in Fig. 1 (20, 21, 24) . For example, the dataset of Alexander et al. (21) consists of six samples that were collected in or near the polar vortex and which indeed show a higher three-isotope slope of 2.1 ± 0.6(1σ, n = 6), although the variability is high and the uncertainty in slope means it is not statistically different from the previous, lower slope datasets. It is not clear whether the variability is due to the small number of samples and real atmospheric Fig. 1 . Stratospheric CO 2 observations. Three isotope plot for the balloon (34°N) and "SOLVE" aircraft (24-83°N) samples, with previous observations: Thiemens (19) and Zipf and Erdman (20) Fig. S4 ) is unclear. Homogeneity of regression tests demonstrate that the differences in slope between our "vortex" and the Kawagucci data and between our "midlatitude" and the Kawagucci data are statistically significant at the 99% and 95% confidence intervals, respectively (SI Appendix, Table S5 ). Finally, the rocket dataset reported by Zipf and Erdman (20) , which also lacks information on other long-lived tracer and potential temperature data, overlaps with our dataset, showing a curvilinear ln 17 O-ln 18 O relationship that links our lower and middle stratospheric data with the middle and upper stratospheric rocket data reported by Thiemens et al. (19) ; this dataset is thus also consistent with the idea that we put forth here that a linear ln 17 O-ln 18 O relationship of 1.7 with a small SD of <0.1 cannot represent the entire stratosphere, in contrast with the now widely held assumption that it does.
To investigate processes that could lead to the larger Δln
O/ Δln
18 O values and three-isotope slopes we observe, O 2 and CO 2 mixtures near atmospheric mixing ratios were irradiated with UV light (Materials and Methods and SI Appendix). The CO 2 isotopic composition was measured (SI Appendix, Table S7 ) and compared with results from a time-dependent photochemical kinetics model we developed using KINTECUS software (SI Appendix, Tables S9 and S10). The model accurately predicts both the time dependence and the steady-state values for ln 17 O, ln 18 O, and Δ 17 O of CO 2 ( Fig. 2 and Table 2 ). These results demonstrate that anomalous KIEs in O 3 formation can quantitatively explain the triple isotope composition of CO 2 in the laboratory at atmospherically relevant O 2 , O 3 , and CO 2 mixing ratios without invoking additional anomalous KIEs or other unknown effects to account for the data. Importantly, the model uses molecular level rate coefficients without using empirical or phenomenological parameterizations of how the transfer of the anomaly from CO 2 to O 3 occurs at steady state used in previous work (28, 32) . These results also demonstrate that slopes close to 1 are to be expected in most laboratory experiments using mercury lamps at atmospherically relevant O 2 /CO 2 ratios and pressures below 150 torr. Indeed, even the very high O 3 /CO 2 experiments of Shaheen et al. performed for long irradiation times (32) resulted in an experimental slope near 1, as did our photochemical model run under conditions similar to theirs, unlike the slope of 1.8 measured at very high O 3 /CO 2 mixing ratios for short irradiation times (31) . The short irradiation times combined with the narrow lines of a Hg lamp, large reactor volume, and very high amounts of O 3 in the Chakraborty and Bhattacharya experiments (31) suggest that their 1.8 slope for CO 2 results from non-mass-dependent isotopic self-shielding by O 3 during O 3 photodissociation and subsequent transfer to CO 2 (32) rather than to processes simulating stratospheric isotope photochemistry in their experiment. In other words, isotopic self-shielding by O 3 does not occur at the O 3 /CO 2 levels in the atmosphere or in the near-atmospheric mixing ratio laboratory experiments, or even at the longer irradiation times in the high O 3 /CO 2 experiments of Shaheen et al.; thus the apparent agreement between the three-isotope slope for CO 2 of 1.8 with the previously expected value of 1.7 is likely fortuitous.
The three-isotope slopes near 1.1 in experiments without isotopic self-shielding artifacts, however, are still much smaller than stratospheric observations. To investigate the possible origins of the laboratory-stratosphere differences in (9) , which would increase the slope for CO 2 .
[Note that the existence of non-mass-dependent isotope effects in ozone photolysis has been proposed (50), but subsequent analysis (51) of those experimental results demonstrated that ozone formation was in fact responsible for the non-mass-dependent enrichments observed.] These experimental and modeling results support the hypothesis (18, 32) that temperature dependence of the O 3 formation KIEs and mass-dependent O 3 photolysis isotope effects likely cause the laboratory-stratosphere differences in the three-isotope slope for CO 2 , although differences in the importance of other mass-dependent isotope effects between the laboratory and stratosphere leading to isotopic depletions in O( 1 D) or CO 2 cannot be ruled out.
Because the modeled ln 17 O-ln 18 O relationship for CO 2 depends on temperature and O 3 photolysis wavelengths and rates, which vary with altitude and latitude, these variables are the likely origin of the observed regional differences in stratospheric ln 17 O-ln 18 O relationships. Indeed, the O 3 isotopic composition in the upper stratosphere shows regional differences attributed to UV photolysis (9) , which was estimated to contribute 25 (Fig. 3) . Moreover, the few outliers to the Δ 17 O and inverse N 2 O trends can be explained by (i) the degree of mixing of lower-N 2 O air from higher altitudes with higher-N 2 O air at lower altitudes, or (ii) the fact that the samples are from the lowermost stratosphere (θ< 380 K), which is a mixture of stratospheric air with air recently transported from the troposphere. These characteristics suggest that such lower stratospheric mixing creates real atmospheric variability in Δln In summary, we have shown that room temperature laboratory measurements of CO 2 -O 3 isotope exchange near an atmospheric O 2 /CO 2 mixing ratio can be quantitatively predicted with a first principles photochemical model and results in a linear (34) , in O 2 on short (35, 36) and glacialinterglacial (37, 38) timescales, in ancient mineral sulfates (39) , and in fossilized bioapatite (40) , we note the following: On one hand, productivity estimates for the current terrestrial and oceanic biospheres are on sounder footing because the isotope chemistry is no longer mysterious. Furthermore, these large three-isotope slopes do not affect previous estimates of the annual mean flux of Δ
17
O of CO 2 to the troposphere because Δ
O is still similarly well-correlated with N 2 O in the lower stratosphere (SI Appendix, Fig. S4 ) (23) . Importantly, the magnitude of Δ
O matters more than the magnitude of the three-isotope slopes, a point which is often overlooked. On the other hand, a sensitivity of Δ Laboratory Experiments. Mixtures of O 2 (Scott Specialty Gases, 99.999%) and CO 2 (Scott Specialty Gases, 99.998%) close to the atmospheric ratio (O 2 /CO 2 ∼ 450) were introduced into a 2.2-L borosilicate glass bulb fitted with a fused quartz (Heraeus-Amersil, Inc.) "finger" extending into the interior of the bulb. A low-pressure Hg/Ar pen lamp (Oriel Instruments) with major emission lines at 184.9 and 253.7 nm was placed in the quartz finger to irradiate the bulb from the center. After irradiation for 0-190 h, the CO 2 and resulting O 3 were separated cryogenically from O 2 using liquid nitrogen and were transferred to a sample tube containing nickel shavings. After heating at 60°C for 15 min to decompose O 3 , the CO 2 was separated cryogenically from the resulting O 2 with liquid nitrogen and then measured by IRMS. In some experiments, the isotopic composition of O 3 was determined by measuring the O 2 from O 3 decomposition at m/z values of 32, 33, and 34 by IRMS.
IRMS Measurements. The triple oxygen isotope composition of CO 2 was measured on a Finnigan MAT 252 IRMS at UC Berkeley using the CeO 2 equilibration technique (44) on 12-18-μmol aliquots of the purified CO 2 from the whole air samples or the purified CO 2 from the laboratory experiments. Corrections to the IRMS signals for the presence of N 2 O in the stratospheric CO 2 samples before CeO 2 equilibration were made using measurements of the mixing ratio and isotopic composition of N 2 O made directly on the stratospheric whole air samples. External 1σ measurement precisions (n = 104 over 2 y) for ln 18 O, ln 17 O, and Δ 17 O of CO 2 were ±0.05%, ±0.2%, and ±0.2%, respectively, where
O−0.528 ln 18 O. Including accuracy (SI Appendix) yields overall 1σ uncertainties of ±0.1%, ±0.5%, and ±0.5%, respectively.
Photochemical Kinetics Model. The isotope-specific reaction kinetics occurring in the laboratory reaction bulb was predicted with KINTECUS software (53) using the Modified Bader-Deuflhard integrator to solve the system of stiff differential equations. The model is based on a previous model of O 2 -O 3 isotope photochemistry (51) modified to include reactions relevant for CO 2 .
In the "base model," only KIEs in O 3 formation and O + O 2 isotope exchange were included, as measured or derived in earlier studies (10, 11) . The pressure dependence of the O 3 formation KIEs was derived from the O 3 formation KIEs at low pressure and the pressure dependence of the O 3 isotopic enrichments (54-56). In the model runs investigating sensitivity to temperature, the temperature dependence of the O 3 formation KIEs was based on a combination of measurements of the temperature dependence of the KIEs for formation of the 18 O-containing O 3 isotopomers (47) and the temperature 18 O of CO 2 entering the stratosphere from the troposphere can vary by ±0.5, either by applying the same offset for every point or by mimicking a seasonal variation within the dataset, and even though the overall 1σ uncertainty in the ln 17 O measurements including both accuracy and precision is ±0.5%. USA, 34°N, 104°W ). The WAS instrument consists of 32 electropolished, 1.6 liter, stainless steel canisters connected in series through a manifold to a 4-stage metal-bellows compressor. The compressor draws ambient air in through the instrument inlet and compresses the gas into the manifold; each sample canister valve is actuated under computer control and the cans are each pressurized to 40 psi (~4.4 standard liters). Canister fill times depend on aircraft altitude and range from approximately 45 seconds at 15 km to 180 seconds at 21 km. Canisters are baked and pumped out on a vacuum line prior to flight. For cans intended for the CO 2 oxygen isotope measurements, no additional pre-flight treatment was performed, while cans intended for halocarbon measurements were backflushed with wet air. The WAS samples were not dried during acquisition since the stratosphere is very dry (generally ≤ 10 ppmv water vapor); higher levels of atmospheric water, as in the lower atmosphere, can result in artifacts in the measured isotopic composition of sample CO 2 due to oxygen isotope exchange between CO 2 and H 2 O (see Section 1.2 for further discussion). The CWAS instrument consists of a manifold of 26 electropolished, 800mL stainless steel canisters, which are immersed in liquid neon to serve as a cryopump when each motor-driven canister valve is actuated. Airflow into each canister is monitored by pressure changes in the manifold and the canisters are filled to pressures of 245-310 psi. As for the WAS instrument, the samples are not dried during collection. After sample collection, the mixing ratios of a number of trace gases in the whole air samples were measured at the University of Miami or the National Center for Atmospheric Research (NCAR), including N 2 O and CH 4 using an HP5890 II+ series GC and NIST-traceable standards to precisions of 0.1% and 0.3%, respectively.
CO 2 Isotope Measurements
After trace gas mixing ratio measurements, whole air samples were shipped to UC Berkeley, where ~30-60 µmol of CO 2 (depending on canister size and pressure) was purified cryogenically using liquid nitrogen on five cold traps. The CO 2 was released from each trap using a liquid nitrogen-ethanol slurry at -95°C to trap any residual H 2 O. The CO 2 was then measured and flame sealed for storage in ¼-inch OD borosilicate glass ampoules resulting in 47 S2 samples from the SOLVE mission and for 25 CWAS samples from the 2004 balloon flight. On the day of an isotopic measurement, the ampoules were cracked open on a high vacuum line and one-half to one-third of each sample was transferred to a sample tube for the IRMS measurement while the remaining portion was re-sealed in a new ampoule. Measurements of 14 N/ 15 N ratios of N 2 on a subset of samples confirm that the isotopes should be fractionated by <0.1‰ during the whole air collection process, while an estimate of fractionation for the cryogenic separation and subsequent sample transfers and splitting was found to be <0.1‰ through measurements of CO 2 extracted from a 360ppmv CO 2 laboratory standard of known isotopic composition using the identical processes as for the whole air samples from the balloon and aircraft flights.
To measure ln 17 18 R PDBCO2 = 0.00208835, and λ std = 0.528 (6) . Each day that stratospheric samples were run, at least one aliquot of one or more anomalous CO 2 laboratory standards that we produced by irradiating mixtures of O 2 and CO 2 with a mercury lamp were also run. To avoid possible memory effects, the CeO 2 powder was flushed with high purity O 2 after every 14 runs. Repeated measurements (totaling N=104) over 2 years of one mass-dependent (N=26) secondary standard and four anomalous CO 2 17 O anomaly itself on a scale of ~0.1‰ due both to the production process and to flushing with O 2 , which also has a small 17 O anomaly (7)), we estimate that the overall uncertainty in our reported values for ln 17 O and Δ 17 O, including both accuracy and precision, is ±0.5‰.
Because the stratospheric samples contain a small amount of N 2 O, the N 2 O isobaric interferences with CO 2 at m/z 44, 45, and 46 must be corrected for in the initial pre-equilibrated IRMS measurements of CO 2 . However, because the high-temperature CeO 
These isotope ratios can then be converted back to δ or ln values for use in the CeO 2 calculations from Assonov and Brennikmeijer (5). For the datasets reported here, the correction ranged from +0.3 to +3‰ for ln 17 O and from +0.1 to +0.7‰ for ln 18 O, with the larger corrections corresponding to samples with higher N 2 O mixing ratios. This correction is critically important, since without it tropospheric CO 2 (and "young" stratospheric samples with high N 2 O mixing ratios) would have incorrect Δ
17 O values of −3‰ and values of ln 17 O and ln 18 O that would be significantly lower than tropospheric values.
Using the methods described above, the CO 2 isotopic composition was measured on 11 CWAS samples from the 2004 balloon flight and on 47 WAS samples from the SOLVE mission. Although 25 CWAS samples were collected, only 9 samples were found to be as dry as expected for the stratosphere (≤ 10 ppmv of water vapor), as indicated by the total amount of water collected during the extraction procedure and the sample size, suggesting a source of water contamination for a subset of the samples. The excess water may have come from the sample manifold during flight after exposure to atmospheric moisture from lower altitudes or to the water-treated sample canisters, although no pattern of order of sampling or proximity to wet canisters flown has been determined. Water contamination causes mass-dependent fractionation of CO 2 in such samples since water adsorbed on canister or extraction trap surfaces can exchange oxygen isotopes with CO 2 during storage or during the cryogenic extraction. Given the likely ranges of isotopic composition of water contamination and of stratospheric and tropospheric CO 2 , such exchange should produce CO 2 that is depleted in 17 O and 18 O and typically results in a larger three-isotope slope than in the absence of such isotope exchange (until there is also a mass balance issue). Indeed, the CO 2 isotopic composition of two of the subset of "wet" CWAS samples was measured and found to be mass-dependently fractionated in this manner. Of the 47 WAS samples from the SOLVE mission measured for the CO 2 isotopic composition, 12 had excess water above that expected for the stratosphere. Therefore, as an objective criterion for rejection of samples potentially affected by water contamination, samples were excluded from S4 analysis, interpretation, figures and tables here if the extracted water corresponded to >20 ppmv in the canisters; this led to the rejection of 2 balloon samples and 12 SOLVE samples for which the CO 2 14. Thus, we are confident that real atmospheric variability rather than an artifact from isotope exchange with water in the canisters or during extraction is the source of the greater three-isotope slopes we observe.
While the oxygen isotope measurements are discussed in detail in the main text and below, we note here for completeness that the ln 13 13 C values fall within the expected range for stratospheric air with mean ages between 0 and 5 years (9) and provide additional confidence in the measurements and sample robustness for samples with H 2 O<20 ppmv.
Stratospheric Context
To identify possible regional differences in the CO 2 isotope compositions, mixing ratio measurements of trace gases such as N 2 O, CH 4 , and others were used along with measurements of pressure altitude, latitude, and potential temperature (θ) in order to characterize the air sampled as polar vortex, midlatitude or midlatitude-like, or tropically-influenced. The high latitude (>55°N) SOLVE whole air samples were collected both outside and inside the winter polar vortex in the lower stratosphere, so we separated the vortex or vortex filament samples from midlatitude-like samples using the method of Greenblatt et al. (10) . We qualitatively identified each sample as "midlatitude-like", "vortex", or "vortex edge" using the distinct correlations of measurements of θ and N 2 O mixing ratios inside and outside the vortex (Fig. S1 ).
The vortex and vortex edge samples were then categorized as "polar vortex", and the midlatitude-like and midlatitude samples were categorized as "midlatitude" in the tables and figures of this study. These regional designations are given in Tables S1-S2 for (11) and for our balloon data show that air characteristic of more equatorial regions was sampled at various altitudes on these flights. These more tropical-like filaments of air are evident in excursions of CH 4 and N 2 O to higher values, as shown in Fig. S2 and S3 for CH 4 .
Once separated into regional subsets, the bivariate linear least squares regressions (12) of the data subsets were calculated. Homogeneity of regression tests (Table S5) indicate that the slopes calculated for the vortex and the midlatitude subsets are statistically different at the 99% confidence interval from the slope of the Lämmerzahl dataset (13 Figure S5 . Because this choice for a CO 2 isotopic composition entering the stratosphere from the troposphere is somewhat arbitrary and because there may be small seasonal variations in its values, we also varied the "entry" tropospheric CO 2 2 ) that we present here. Moreover, varying the entry isotopic composition within this range in the photochemistry model affects the overall three-isotope slope from in situ photochemistry by less than 0.003.
Two-endmember mixing calculations
Isotopic compositions of mixed air masses can be calculated using equations derived from material balance and mixing relationships (14) . For a two-endmember system, the isotope ratio R can be expressed as a mass fraction M and concentration C of the two-endmember components A and B.
For the two-endmember mixing shown in Fig. 1 and S1, one datum from SOLVE in the lower stratosphere and one datum from the dataset of Thiemens et al. (11) were chosen given the approximate N 2 O mixing ratios and corresponding altitudes for air masses that are inferred to have mixed together after the breakup of the polar vortex in 1997 (15); see Table S6 , Fig. 1 , and S6. This mixing scenario qualitatively illustrates how mixing and transport in the absence of chemistry can also affect the three-isotope slope, and specifically how the mixing of lower altitude air with higher altitude air can result in a three-isotope slope of 1.7 when the vortex breaks up in spring.
Photochemistry experiments
The Pyrex vacuum line shown in Fig. S5 was designed and built for these and other photochemistry experiments at UC Berkeley. The 2.2 L glass bulb in which the reactions occur, based on a similar design by Johnston et al. (16) , has a fused quartz (Heraeus-Amersil, Inc., Commercial) "finger" extending into the interior of the bulb and a glass cold finger extending out of the bottom. The bulb was large enough for the pressures in the experiments to avoid significant ozone formation on surfaces (17, 18) . Valve stopcocks on either side of the bulb were made of glass and sealed with chemically-resistant Kalrez O-rings to prevent reaction with ozone or UV light. A low-pressure mercury/argon pen lamp (Oriel Instruments) was placed in the quartz finger such that it irradiated the bulb from the center. This lamp has major emission lines at 184.9 nm and 253.7 nm in the ultraviolet region along with several other faint lines. Using the reported lamp irradiance for the 253.7 nm line of 74±12 μW cm -2 at 25 cm (19), the transmission coefficient of the quartz of 0.8 at this wavelength (Heraeus-Amersil, Inc.), and the geometry of the bulb, we calculated the average photon flux throughout the bulb at 253.7 nm to be 5.9×10 15 
cm
-2 s -1 . Since the intensity of a mercury lamp at 184.9 nm is roughly 4-10 times lower than the intensity at 253.7 nm (20,) , and the transmission coefficient of the quartz at 184.9 nm is approximately 0.3, we then estimated an upper bound to the flux at 184.9 nm to be between 2.2×10 14 and 5.5×10 14 cm -2 s -1 . The lamp intensities at these wavelengths were also estimated by performing CO 2 actinometry experiments in the bulb. In these experiments, a trace amount of CO 2 was photolyzed at 185 nm for two to five hours to yield CO and O 2 , and the total yield of the non-condensable CO and O 2 gases was measured. Assuming that the CO and O 2 products were created in stoichiometric amounts, the loss rate of CO 2 was used with the known absorption cross section at 184.9 nm to infer the photon flux, yielding a value of 4.3×10 13 cm -2 s -1 at 184.9 nm. Because the measured quantum yields for CO and O 2 in previous photolysis experiments at this wavelength have ranged from 0.2 to 1 and 0.1 to 0.5, respectively, (20) this value represents a lower bound for the actual photon flux. Using the same assumptions above for the relative intensities and quartz transmission coefficients, a lower bound for the 253.7 nm flux was calculated to be between 4.6×10 14 and 1.1×10 15 cm -2 s -1 . We then used these estimates of the lower and upper bounds of the lamp intensities at 184.9 and 253.7 nm to check for consistency with the photolysis rate coefficients for O 2 and O 3 used to simulate the experimental results with the photochemical model described in Section 1.6 below.
The gases used in the experiments were O 2 (Scott Specialty Gases, 99.999%) and CO 2 (Scott Specialty Gases, 99.998%). The isotopic composition of O 2 was measured three times against a laboratory standard using the Finnigan MAT 252 IRMS and was determined to have an average isotopic composition of ln 17 O=13.7±0.1‰ (1σ) and ln 18 O=26.5±0.1‰ (1σ) relative to VSMOW. The initial isotopic composition of CO 2 in the bulb had an average (N=6) isotopic composition of ln 17 O=3.4±0.2‰ (1σ) and ln 18 O=6.6±0.3‰ (1σ) relative to VSMOW, based on three replicate measurements of CO 2 from the source cylinder and three replicate measurements of CO 2 that was processed through the entire experimental procedure without irradiation. We also determined that the O 2 isotopic composition remained constant throughout the irradiation period by collecting aliquots of O 2 from experiments in which the gas mixtures had been irradiated for more than 100 hours. The isotopic composition of these aliquots of O 2 showed a change of only 0.9‰ or smaller, as expected given that O 2 was so much more abundant than CO 2 or any of the trace gases (predominantly O 3 ) generated photochemically in the bulb during the experiment.
Two sets of irradiation experiments were performed at two different total pressures in the bulb and at near-atmospheric O 2 /CO 2 ratios. In the first set, a mixture of an average of 50.0±0.1 (1σ) Torr of O 2 and 110±3 mTorr of CO 2 was used (corresponding to 5.97±0.01 mmol of O 2 and 13.1±0.3 μmol of CO 2 and ρ = O 2 /CO 2 = 456 ± 11); see Table S7 . In the second set, a mixture of an average of 99.6±0.3 (1σ) Torr of O 2 and 210±6 mTorr of CO 2 was used (corresponding to 11.9±0.1 mmol of O 2 and 25.1±0.7 μmol of CO 2 and ρ = O 2 /CO 2 = 473 ± 11). To obtain these partial pressures in the bulb, the desired amount of CO 2 was introduced from the gas cylinder into a section of the vacuum line and then equilibrated for five minutes. The CO 2 was then frozen to a trap using liquid nitrogen, then released with an ethanol slush between −75 o C and −80 o C and transferred to a calibrated volume. In the calibrated volume, the pressure of CO 2 was measured using a Baratron capacitance manometer (MKS Instruments 627B, 0.1% accuracy, 10 Torr or 1000 Torr full-scale depending on sample size), and the CO 2 was then frozen to the cold finger on the glass bulb. While the CO 2 remained frozen, O 2 was added to the bulb through a liquid nitrogen cold trap (to remove trace impurities such as CO 2 or H 2 O) at a rate of approximately 1 mmol/min. Once the desired O 2 pressure was reached, the O 2 was allowed to equilibrate for one minute, and then the bulb was closed (We note that the temperature gradient in the bulb during S7 this procedure results in an additional uncertainty in the O 2 pressure of ≤1%). The liquid nitrogen was then removed from the cold finger, and the Hg/Ar lamp was turned on once the finger was at room temperature. A constant flow of nitrogen was used to sweep out the area around the lamp during irradiation in order to prevent the formation of ozone in the laboratory and to prevent overheating of the bulb. Irradiation times ranged from zero to 190 hours.
At the end of the irradiation time, the lamp was turned off and the gas mixture in the bulb was extracted over a liquid nitrogen trap at a rate of approximately 1 mmol/min. The trap was pumped until the pressure above it was less than 0.1 mTorr to remove most of the ozone, which has a vapor pressure of 0.7 mTorr at −196 o C. The liquid nitrogen was replaced with an ethanol slush at −75 o C to release CO 2 and O 3 while keeping any H 2 O condensed, and the CO 2 and O 3 were frozen to a glass sample tube containing several shavings of nickel foil. The sample tube was then heated to roughly 60 o C for 15 minutes to decompose any remaining O 3 to O 2 on the nickel catalyst. Repeated heating cycles confirmed that all the O 3 was decomposed under these conditions. Although it is known that this process can result in small isotopic enrichments in CO 2 as the O 3 decomposes on the Ni catalyst in experiments performed at low O 2 /CO 2 ratios (16, 21) , such an artifact should be negligibly small for the high O 2 /CO 2 ratios in our experiments here (21). The CO 2 was then frozen again and the resulting O 2 was pumped away. The CO 2 was then transferred to the same calibrated volume as before the irradiation in order to measure the final CO 2 yield and then frozen to a glass sample tube for IRMS analysis. Results are shown in Table  S7 .
We also used this apparatus to measure the isotopic composition of ozone formed, both in a separate experiments in which we irradiated O 2 /CO 2 mixtures at 100 Torr total pressure (Table  S8) , and in pure O 2 at 50 and 100 Torr (22) . The procedures for collecting O 3 , separating it from O 2 (and CO 2 when applicable), and measuring its isotopic composition have been described elsewhere (22) . Results are shown in Figure S9 , along with previous measurements by Morton et al. (17) and Thiemens et al. (23, 24) . An average of all results at 50 Torr (17, 22) are reported in Table 2 and an average of all results at 100 Torr (17, 22, Table S8 ) are reported in Table S11 . The ozone isotopic compositions show more scatter in the experiments than the CO 2 isotopic compositions. Because of the non-negligible vapor pressure of O 3 at liquid nitrogen temperature, cryogenically separating O 3 from O 2 and CO 2 can lead to some loss of O 3 , which can result in mass-dependent enrichments in the O 3 collected. We note that the O 3 isotopic compositions reported in Table S8 were measured before we had further optimized the O 3 separation and collection procedures (22) and may therefore be mass-dependently enriched by ~2 to 5‰. Despite the larger uncertainty in precision and accuracy due to this potential artifact for O 3 , the combined CO 2 and O 3 results overall indicate a well-behaved system that is well-predicted by the photochemical model (see below).
Finally, we note that, between each irradiation experiment, both the lamp and the quartz finger in which the lamp was placed were cleaned using acetone and an abrasive scrub pad to remove the brown residue that accumulated on the surfaces during each experiment. Despite flushing the area constantly with N 2 , organic material from the surrounding air likely reacted with ozone generated around the lamp to create volatile products which then deposited on the lamp and quartz finger and attenuated the lamp flux. Since changes in the lamp flux affect the O 2 and O 3 photolysis rates and, therefore, the rate of increase of the isotope enrichments in CO 2 , cleaning before each experiment was necessary in order to keep the experimental conditions as constant as possible. The effect of changes in the lamp flux can be seen from replicate experiments performed at approximately 17 hours of irradiation time (see Fig. 2 and Fig. S6 ).
Since the CO 2 enrichment is changing quickly at 17 hours, the values measured at this time are more sensitive to variations in the radiative flux into the bulb compared to those measured at long times, when the CO 2 has reached isotopic steady-state. In addition to accumulating residue, changes in the lamp flux could be due to variability in the lamp irradiance, which was measured to be ±16% (1σ) in similar lamps (19) .
Photochemical Kinetics Model Description
The experiments described in Section 1.5 were simulated using a detailed photochemical kinetics model coded in KINTECUS (25) and based on one originally developed by Johnston et. al (16) and used in a previous publication on the isotopic composition of ozone (26) . A complete list of the reactions (Eq. S6 to S22) in the model for 16 O species only, along with their rate coefficients, is given in Table S9 . In addition to all the reactions listed in Table S9 , the model also included all possible variants of these reactions that involved substituting 17 O or 18 O for one or two of the oxygen atoms. For example, nineteen ozone formation reactions with different isotopic substitutions were included: the unsubstituted reaction (Eq. S7 in Table S9 ), the six "singly-substituted reactions" shown in Table S10 , and the twelve possible "doubly-substituted reactions" that are not shown. Without doubly-substituted reactions in the model, Δ 17 O of both O( 1 D) and CO 2 changed by 2 to 3‰. This difference was deemed large enough to justify the extra complexity of adding doubly-substituted reactions to the model. Adding triply-substituted species was found to change the model predictions by less than 0.1‰, so these and higher-order substitutions were neglected. We did not include any isotope effects for the doubly-substituted reactions, in large part because so few have been measured. A model scenario that included the huge isotope effects measured for a handful of the doubly-substituted ozone formation reactions (27, 28) was found to have little effect on the model predictions.
1.6.1
The Base Model in the low pressure limit The model was initialized with the initial isotopic compositions of CO 2 (29) . The rate of O 3 photolysis at 184.9 nm is negligible compared to the rate at 253.7 nm, with a maximum estimated contribution of 0.4% of the total photolysis rate, so the O 3 photolysis J-value at this wavelength was assumed to be zero in the model. 2 , only the time it takes to reach steady state. For completeness, we also note here that if a mass-dependent isotope effect is also included in the ozone photolysis (Eq. S8) step of a magnitude predicted by Liang et al. (31) at 253.7 nm, the isotope-specific J-values chosen do affect the three-isotope slope for CO 2 but only to a small degree (see, e.g., Figure 2 ).
The base model in the low pressure limit included isotope effects for only two reactions. The first is the very fast isotope exchange between O and O 2 (Eq. S21 in Table S9 ). The rate coefficient for the 17 (32) . The reverse rate coefficients were calculated from the theoretical equilibrium constants (Eq. S22) calculated by Kaye and Strobel (33) . The second set of isotope effects included in the base model in the low pressure limit are the ozone formation KIEs. Most of these were measured or derived by Mauersberger and coworkers (27, 28) and are given in Table S10 . The exception is our estimate for the relative rate coefficients for the formation of 16 (26) . Using these rate coefficients resulted in an O 3 isotopic composition consistent with previous measurements at low pressures (17, (22) (23) (24) and with measurements that show that most of the enrichment and 17 O anomaly is carried by the asymmetric ozone isotopomers (34) . To evaluate the sensitivity of the isotopic composition of CO 2 to uncertainty in the k sym and k asym estimates for 49 O 3 formation, these rate coefficients were varied by +0.05 and −0.05 in the model and in the derivation for the pressure dependence below. These variations were chosen based on the standard error of the measured average of these rate coefficients and the scatter in the zero point energy relationship. The average of the two rate coefficients, however, was fixed at the experimental value of 1.17 so that the two rate coefficients were not varied independently. Thus, if k asym =1.30, k sym must be 1.04, and if k asym =1.40, k sym must be 0.94. Since the total 17 O enrichment in ozone depends only on the average of k asym and k sym , the values of ln 17 Fig. S6 in gray shading. The base model predictions in the low pressure limit for the CO 2 isotopic composition are shown along with experimental results in Fig. S6. 
1.6.2
Modeling the pressure dependence Because the irradiation experiments were conducted at pressures above the low-pressure limit, a pressure dependence for the ozone formation KIEs was included in the model to more accurately predict the experimental results. Precise measurements of the pressure dependence of the kinetic isotope effect for each ozone formation channel are unavailable, so an empirical pressure dependence to the KIEs was derived from the ozone isotope enrichments at various pressures (17, 23, 24) as follows. At isotopic steady state, the 18 O enrichments relative to 16 O can be expressed in (S23)
where Q = 18 O and O = 16 O. Using the equilibrium constant (33) in Eq. S22 in Table S8 , the isotopic steady state in Eq. S23 above then simplifies to Eq. S24:
Using the definition of a relative delta value (Eq. S25) -that is, the isotopic composition of O 3 relative to the starting O 2 isotopic composition, then substituting the left-hand side of Eqn S24 into S25, and assuming that formation of OOQ from O+OQ has a significant pressure dependence while formation of OOQ from O+QO and Q+OO do not (35), we can then write Eqn S26:
( )
gives the KIE for the O+OQ reaction at a given pressure as a function of the δ 18 O value of ozone at a given pressure and (assumed) pressure-independent terms for k O+QO /k O+OO and k Q+OO /k O+OO, available from the Mauersberger et al (27, 28) low pressure experiments, and the equilibrium constant for isotope exchange, K eq . Using ln 18 O values for O 3 measured at 50 Torr from earlier experiments (17, 24) in Equation S26 yields a value for k O+OQ /k O+OO (50 Torr) of 1.45, consistent with the direct measurement of the KIE for this ozone channel in the low pressure limit (27, 28) . To derive an empirical expression for k O+OQ /k O+OO (p) at higher pressures, Eqn S26 was first used to calculate a value for the KIE at each of the higher pressures for which an experimental value for ln 18 O of O 3 is available. The resulting values for k O+OQ /k O+OO (p) calculated at these different pressures were then fit with a nonlinear least squares fitting method that uses the Levenberg-Marquardt algorithm to find a set of coefficients that minimize chisquared for the Hill function. The general form of the Hill function is base + (max − base)/(1+(p/p0)^rate) where p is the variable and base, max, p0, and rate are the fitted parameters. This procedure yielded the functional form for k O+OQ /k O+OO (p) given in S27:
( ) 
The same calculations and assumptions applied to the KIEs for the corresponding 17 O-containing ozone isotopomers yields a value of 1.35 in the low pressure limit for formation of OOP (where P= 17 O), which is also consistent with our value for that KIE estimated above from the data of Mauersberger et al. in the low pressure limit, and yields the functional form for the pressure dependence of this KIE in S28:
The photochemical model was then run with Eq. S27 and Eq. S28 at various pressures to test the accuracy of the predicted ozone enrichments versus experimental values (17, (22) (23) (24) , shown together in Fig. S7 .
In addition, the derived value of k O+PO /k O+OO (P = 17 O) was also varied from 0.99 by +0.05 and -0.05 in the calculations and pressure fits in order to test the sensitivity of the CO 2 isotopic composition to the choice of value for k O+PO /k O+OO , as discussed in section 1.6.1. These results are shown in gray in Fig. 2 of the main text. The model results for the O 3 isotopic composition (shown in Fig. S7 ) are not sensitive to choice of these values, as noted already in Section 1.6.1 for the low pressure limit.
The photochemistry model described above can predict the CO 2 isotopic composition in the CO 2 -O 2 irradiation experiments to a remarkably good degree, especially once the empirical pressure dependence of the ozone KIEs is included in the model ( Fig. 2; Fig. S8 ). While this excellent agreement could arguably be somewhat fortuitous, since mass-dependent isotope effects are likely to occur in some of the many reactions detailed in Table S9 , it has been postulated that at least some of these isotope effects may roughly cancel each other out under laboratory conditions (16) , and many should have quite small magnitudes relative to the large O 3 formation KIEs and their pressure dependence. Ozone photolysis isotope effects, calculated as a function of wavelength by Liang et al. (31) and incorporated into our model here, are also predicted to have a small effect on the model predictions and experimental data (e.g., see Fig. 2 ). We do note, however, that the model becomes less accurate for experiments conducted at pressures higher than 100 Torr (21) or for experiments conducted at low O 2 /CO 2 mixing ratios (16, 21, 36) , variables that we are currently investigating with systematic new laboratory measurements. Indeed, measurements of the anomalous KIEs for each isotope-specific ozone formation channel at various pressures in different bath gases may be needed to improve model predictions for these other types of experiments. Importantly, however, the model can predict the non-mass-dependent isotope enrichments in CO 2 quite well for stratospheric pressures and atmospheric O 2 /CO 2 mixing ratios, so that an additional anomalous kinetic isotope effect in the stratosphere is unnecessary even if it cannot be ruled out for experiments at low O 2 /CO 2 mixing ratios (21).
1.6.3
Modeling the temperature dependence To compare the potential effect of temperature on the three-isotope slope for CO 2 , we derived a temperature dependence for the ozone formation KIEs based on experimental measurements of the KIEs for formation of the 18 O-containing ozone isotopomers (37). Janssen et al. (37) measured the temperature dependence given in (S31) and an average of (S29) and (S30). Here, we assume that k O+OQ /k O+OO (S29) and k O+QO /k O+OO (S30) have the same temperature dependence as the average of the two, which taken together yield the following three S12 temperature-dependent KIEs for each of the three ozone formation channels containing one 18 O atom:
For the 17 O-containing isotopomers of ozone, the temperature dependence of the corresponding KIEs has not been measured directly, so here we derive an empirical temperature dependence from laboratory measurements of the 17 O enrichments in ozone as a function of temperature (38) . First, we rearrange Eq. S26 (with P= 17 O substituted for Q= 18 O) to give Eq. S32:
Assuming that the temperature dependence of both k O+PO /k O+OO and k O+OP /k O+OO are the same as those for the corresponding 18 O reactions, and using the calculated temperature dependence of K eq for 17 O, the following linear fits to the temperature dependence were derived from the measured 17 O enrichments in ozone (38) :
The temperature-dependent KIEs in Eqns S29-S35 were then used in the model at 200K, 220K, and 250K to investigate the potential sensitivity of the three-isotope slope and Δ 17 O of CO 2 to temperatures lower than room-temperature based on the assumptions above; see Tables 2 and  S11 .
The assumption that the KIEs for formation of both the asymmetric and symmetric ozone isotopomers (i.e., in S29 and S30 for 50 O 3 and S33 and S34 for 49 O 3 , respectively) share the same temperature dependence may not turn out to be correct. For example, although the Janssen et al. (37) measurements showed that the temperature dependence of the average of the reactions in S29 and S30 is smaller than the temperature dependence of the reaction in S31, it is possible that the asymmetric and symmetric formation channels in S29 and S30, respectively, could individually exhibit temperature dependences that, in the extreme, might be larger in magnitude than the average but opposite in sign, thereby leading to the smaller average temperature S13 dependence measured for a combination of S29 and S30 than that measured for S31. Such a scenario would be important for predicting the isotopic composition of CO 2 as a function of temperature since it would change the predicted distribution of isotopes between the symmetric and asymmetric ozone isotopomers. A change in the intramolecular distributions isotopes in O 3 will in turn affect the isotopic composition of CO 2 since it is the terminal oxygen atom in O 3 which is ejected upon photolysis and then undergoes isotope exchange with CO 2 . Thus, although the model using the temperature dependences given in S29-S35 qualitatively predicts an increase in the three-isotope slope with decreasing temperature based on the assumptions given above, measurements of the temperature dependence of the KIEs for each isotope-specific ozone formation channel and additional laboratory measurements of CO 2 -O 2 isotope exchange at lower temperatures are needed to further test the assumptions and predictions made here.
Sensitivity to mass-dependent isotope effects
We also investigated additional model scenarios which included possible mass-dependent isotope effects in other reactions beyond ozone formation (Eq. S7 in Table S9 ) and O+O 2 isotope exchange (Eq. S21 in Table S9 ) in order to test the sensitivity of the predicted values for ln 18 O, ln 17 O, and Δ 17 O of CO 2 . We investigated the effect of mass-dependent O 3 photolysis isotope effects at 254 nm in the experiment, using the calculated isotope-specific cross sections from Liang et al. (31) at this wavelength, as in Cole and Boering (26) . In this scenario, the fragmentation of asymmetric 16 Table 2 .
To show the effect of larger mass-dependent isotope effects in UV photolysis of O 3 , a set of hypothetical isotope-specific J-values were also calculated assuming that the bond in an ozone O 2 -O "diatomic" molecule is broken. Under this assumption, the relative J-values for ozone photolysis for each isotopologue are given simply by the square root of the ratio of the reduced masses of the O 2 and O fragments of the hypothetical O 2 -O diatomic molecule as follows:
with J' and J corresponding to a heavy and a light O 3 isotopologue, respectively, yields a "normal" isotope effect since J'/J<1 (i.e., the heavy isotopologue photolyzes more slowly than the light isotopologue). An "inverse" isotope effect for which the heavy isotopologue photolyzes more quickly than the light isotopologue is calculated using the reciprocal of Eqn. S36. The values for these hypothetical mass-dependent isotope effects are given in Table S10 , and the model results including them are shown in Figure 2 and Tables 2 and  S11 . This overly simplified set of scenarios was used merely for illustrative purposes to show the sensitivity of the three-isotope slope and Δ
17 O values for CO 2 to large, mass-dependent isotope effects. The Δ 17 O values change by less than ±0.5‰ when adding one of these hypothetical mass-dependent isotope effects into the model because the values for λ MD are 0.513 to 0.520 rather than the value of 0.528 that is used to calculate Δ 17 O. S14
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Further comparisons with three isotope "slopes" in previous data sets
The three isotope slope calculated using bivariate linear least squares regressions for the "vortex" and "vortex edge" SOLVE samples is 2.22 ± 0.07 (1σ, N=25), while that calculated for the combined Balloon 2004 and the midlatitude and "midlatitude-like" SOLVE samples is 1.95 ± 0.05 (1σ, N=19). In comparison, the samples of Lämmerzahl et al. (13) from midlatitudes and from non-vortex air at high latitudes have a three isotope slope of 1.71 ± 0.03 (1σ, N=23).
Homogeneity of regression tests demonstrate that the differences in slope between our "vortex" and Lämmerzahl data and between our "midlatitude" and Lämmerzahl data are statistically significant at the 99% confidence interval (Table S5 ). The dataset of Kawagucci et al. (39) shows much more variability, as is clear in Figures 1 and S4 , but the dataset is also much larger (N=58), resulting in an uncertainty in slope that appears relatively small. The three isotope slope calculated using all of their data is 1.67 ± 0.05 (1σ, N=58), and they conclude that their data support the Lämmerzahl slope of 1.7 throughout the stratosphere (39) . Interestingly, visual inspection of the Kawagucci data (Fig. 1 ) does show some datapoints that appear to overlap with our SOLVE vortex data or our Balloon 2004 midlatitude data. Some of the visually overlapping data may represent real atmospheric variability, since they collected samples at times of year in which vortex air could have been intercepted and at midlatitudes when they might have intercepted filaments of air from the tropics. However, some datapoints also fall far below any of the three-isotope relationships in the high precision datasets. These variations do not appear to be explicable except perhaps by a lower precision for their new online, continuous flow CuO isotope exchange IRMS measurement technique compared with the previous dual inlet measurements or by an artifact. Availability of additional trace gas measurements and geophysical parameters other than the N 2 O and altitude data that they report could help to objectively separate samples in their dataset into vortex, midlatitude and midlatitude-like, and tropically-influenced air, in order to check for coherent atmospheric variability within these subsets. Homogeneity of regression tests demonstrate that the differences in slope between our "vortex" and the Kawagucci data and between our "midlatitude" and the Kawagucci data are statistically significant at the 99% and 95% confidence intervals, respectively (Table S5) .
The rocket samples from the upper stratosphere and mesosphere near 30 o N (40) have a three isotope slope of 1.39 ± 0.06 (1σ, N=23). A subset of these data (11) O relationship is in fact, then, not always a straight line. A straight line would imply either a single source of O( 1 D), as in laboratory experiments, or the action of stratospheric transport and mixing processes that create straight lines from formerly curvilinear isotope relationships due to mixing of high-N 2 O air with low N 2 O air in the extratropics. We have still used the concept of "slopes" here, both to make historical comparisons and to determine that our datasets over the range of isotopic compositions S15 we measured are in fact statistically different from earlier ones. However, it is now clear that calculating and comparing linear "slopes" should be done with great caution.
2.2
Comparisons with previous atmospheric modeling The 2D atmospheric model results of Liang et al. (41, 42) are highly relevant for our observations and their interpretation. First, their model predicts that the lifetime of CO 2 with respect to isotope exchange with O 3 in the stratosphere -what can be called τ chem for the "chemistry timescale" -is at least an order of magnitude longer than the transport timescales, τ transprot , everywhere in the stratosphere. Even at 45 km in the tropics where O( 1 D) peaks and where τ chem is the shortest, they calculate a lifetime for isotope exchange that is ~40 months, while the transport time scale there is only about ~4 months. Thus, CO 2 never reaches isotopic steady-state with O( 1 D) in the stratosphere and is always far from it, never getting closer to 10% of its steady-state value even in regions with the shortest τ chem . These relative timescales mean that the CO 2 isotopic composition behaves as a long-lived tracer, which is key to understanding how the different slopes that we observe in the middle midlatitude stratosphere and the polar vortex can be created and maintained when and where they are observed. These relative timescales from the model also support our interpretation of mixing in the lower stratosphere and the variability in Δln 17 O/Δln 18 O that we observe ( Figure S5 ). Specifically, O( 1 D) concentrations are very low and photochemical cycling is quite slow in the extratropical lower stratosphere. Thus transport and mixing alone will be almost entirely responsible for any change in ln 17 O and ln 18 O of CO 2 relative to the tropospheric entry value since τ chem will be very long (much longer than τ chem at 45 km in the tropics of >3years) compared to τ transport of a few months. In other words, local photochemistry is too slow to result in an increase in the ln 17 O and ln 18 O values for CO 2 below 21 km in the extratropics, particularly at high latitudes in winter when there is very little photochemistry occurring in any case, as for the SOLVE samples. Any local changes in ln 17 O and ln 18 O in CO 2 in this region must be due to mixing with older, photochemically "aged" CO 2 that has derived its heavy isotopic signature from O 3 elsewhere.
Second, it is interesting to note that the Liang (41, 42) model results predict a value for ln 17 O/ln 18 O of 1.5 throughout the extratropics, close to the previously expected value of 1.7, while we observe regional and seasonal differences in these values that are significantly larger. The insensitivity of their three-isotope slope for CO 2 to region could originate in uncertainties in the underlying isotope chemistry, in how this isotope chemistry is implemented in their model, in the transport and mixing characteristics of their model, or some combination of all of these issues. For example, the contribution from UV photolysis of ozone in their 2D model may be too low since they calculate that UV photolysis contributes only 10% to the isotopic enrichments in ozone. In contrast, measurements of stratospheric ozone isotopic compositions by Krankowsky et al. (38) suggest that photolysis contributes 20-25% and 25-30% of the total heavy isotope enrichments in ozone at midlatitudes and in the tropics, respectively. Since ozone photolysis mass-dependently enriches the remaining ozone, a larger contribution from such photolysis isotope effects in the stratosphere than in the Liang et al. model would result in a massdependent depletion of the O( 1 D) resulting from photolysis. As shown in our model sensitivities, a mass-dependent depletion of O( 1 D) results in a greater value for three-isotope slope in CO 2 after isotope exchange. Furthermore, the temperature and pressure dependences of the O 3 formation KIEs, especially for 17 O-containing isotopomers, are not well-known from experiments, which is why we estimated a number of those which have not been directly measured in order to include these dependencies as input for our 0D photochemical kinetics S16 model. As such, the calculated temperature dependence of the ozone formation KIEs used in the Liang model may not be accurately simulating the underlying isotope chemistry and its latitude and altitude dependence. Interestingly, Liang et al. (41, 42) O transferred from O( 1 D) to CO 2 can vary over a very wide range, from 1.3 to 3.0, due to differences in ozone photolysis at different altitudes in the stratosphere, but that these differences in instantaneous slopes in their model disappear due to transport and mixing. However, transport barriers between the tropics and midlatitudes and between vortex and non-vortex air, which create different CH 4 :N 2 O relationships in these different regions, are often difficult to simulate in 2D models (43) . Simulating these differences to high accuracy may be a prerequisite for predicting different three-isotope slopes for CO 2 in different regions and times of year. Fig. S1 . Measurements of potential temperature (θ) versus N 2 O for whole air samples collected during the SOLVE mission. Samples for which CO 2 isotope measurements were also made appear as filled symbols. The method of Greenblatt et al. (10) was used to differentiate the samples into "polar vortex," "vortex edge," and "midlatitude"/"midlatitude-like" categories. 17 O and ln 18 O of O 3 using the empirically-derived pressure dependence for the O 3 formation KIEs discussed in Section 1.6.2, along with previous experimental results (17, (22) (23) (24) and those from 18 O, where λ MD = 0.528 † "Tropical" indicates "tropically-influenced" air, based on higher excursions in CH 4 as a function of pressure altitude; see Fig. S2 and S3. 
